Abstract We present the iron isotope composition of primary, diagenetic and metamorphic minerals in five samples from the contact metamorphosed Biwabik Iron Formation. These samples attained peak metamorphic temperatures of <200, <340,~500, <550, and <740°C respectively. d 56 Fe of bulk layers ranges from -0.8 to +0.8&; in some samples the layers may differ by >1& on the millimeter scale. Minerals in the lowest grade samples consistently show a sequence in which d 56 Fe of magnetite > silicate ‡ carbonate. The intermineral Fe isotope differences vary in a fashion that cannot be reconciled with theoretical temperaturedependent fractionation factors. Textural evidence reveals that most, if not all, magnetite in the Biwabik Formation is diagenetic, not primary, and that there was tremendous element mobility during diagenesis. The short duration of contact metamorphism allowed diagenetic magnetite compositions to be preserved throughout prograde metamorphism until at least the appearance of olivine. Magnetite compositions therefore act as an isotope record of the environment in which these sediments formed. Larger-scale fluid flow and longer timescales may allow equilibration of Fe isotopes in regionally metamorphosed rocks to lower temperatures than in contact metamorphic environ-
Introduction
Igneous and metamorphosed igneous rocks exhibit only small variations in Fe isotopic compositions (Zhu et al. 2002; Beard et al. 2003; Poitrasson et al. 2004; Williams et al. 2004, Poitrasson and Freydier 2005; Weyer et al. 2005) . d 56 Fe in basaltic and granitic rocks ranges from ca. 0 to 0.15& (expressed relative to the international Fe standard, IRMM-014, throughout this paper) and up to 0.39& for high-silica granitoids, accounted for by Fe isotope fractionation during exsolution of late magmatic aqueous fluids from granitic melts (Poitrasson and Freydier 2005) . There is no detectable isotopic fractionation between silicate minerals and magnetite in intermediate composition volcanic rocks , although recent, high-precision measurements suggest that minute intra-mineral and intra-rock fractionations do exist (Poitrasson and Freydier 2005; Schuessler et al. 2005 ).
The Fe isotopic compositions of hydrothermal ores and sedimentary rocks are more variable than those of igneous rocks and minerals. d 56 Fe of hematite, siderite and sulfide hydrothermal ores vary from -2.3 to +1.3& and are strongly dependent upon fluid and precipitation histories (Graham et al. 2004; Markl et al. 2006) . Organic-rich black shales (Yamaguchi et al. 2005; Matthews et al. 2004 ) define a wide range of 56 Fe/ 54 Fe isotopic compositions, from -2.2 to 0.7&, whereas FeMn crusts (Zhu et al. 2000; Chu et al. 2003 ) exhibit a range in 56 Fe/ 54 Fe from -0.9 to 0.1&. However, the largest known variations in 56 Fe/ 54 Fe are exhibited by Precambrian banded iron formations (BIF), which range from -2.3& for pyrite-rich BIF layers to 1.3& for magnetite-rich BIF layers .
Fe isotopic studies of metasedimentary rocks and minerals are extremely limited. Dauphas et al. (2004) reported Fe isotopic data for amphibolite-and granulite-facies metasedimentary rocks from southwest Greenland. They observed no differences in Fe isotopic composition between bulk rock samples and pyroxene and magnetite mineral separates and concluded that any original inter-mineral variations in Fe isotopic composition were obliterated by high-temperature equilibration during metamorphism. However, the heavy bulk rock Fe isotope compositions of these Early Archean rocks appeared to suggest that they originate from a sedimentary, rather than a metaigneous environment.
To better understand the behavior of Fe isotopes during diagenesis and metamorphism of metasedimentary rocks, we have undertaken a systematic study of the inter-mineral partitioning of Fe isotopes during progressive contact metamorphism. We have chosen to study a suite of contact metamorphosed iron-formation samples for two reasons. First, iron formation has a simple chemical composition, rich in Si and Fe with smaller amounts of Mg, Ca and Mn and essentially no Al, Ti, Na and K. This protolith results in metamorphic silicates closely approaching Fe-end member compositions. Consequently their Fe isotopic compositions can be more readily compared to theoretical predictions of their behavior than can be done with minerals of more complex composition. Second, the least metamorphosed portions of the iron formation chosen for study exhibit extreme heterogeneity in Fe isotope composition. A heterogeneous starting material is important for assessing whether Fe-isotopes are homogenized during metamorphism, and allows us to characterize the changes in Fe isotopic composition that accompany mineral reactions occurring during diagenesis and progressive metamorphism.
Geology of the Biwabik Iron Formation
The Biwabik Formation extends for 190 km across northern Minnesota. It is separated from the correlative, 1.9 Ga Gunflint Formation of Ontario (Fralick et al. 2002) by the intrusion of the 1.1 Ga Duluth gabbro, which developed a spectacular contact aureole within these iron formations ( Fig. 1 ; Gundersen and Schwartz 1962; French 1968; Bonnicheson 1969 Bonnicheson , 1975 Morey et al. 1972; Morey 1992; Simmons et al. 1974; Floran and Papike 1975; 1978) . Both the Biwabik and Gunflint formations lie north of the~1.8 Ga Penokean orogen and had undergone only very low-grade burial metamorphism prior to contact metamorphism by the Duluth gabbro. The lowest-grade rocks in the Biwabik Formation are composed of fine-grained quartz, magnetite, siderite, greenalite, and locally, hematite and minnesotaite. Layering occurs on the scale of millimeter to a few centimeter. Rarely, massive greenalite is preserved. More commonly, greenalite-bearing layers consist of sand-size greenalite granules in a chert cement, and are interpreted as having formed as greenalite sand deposited near wave-base (cf. Lanier 1989) . Siderite-rich layers typically are homogeneous and fine-grained but locally they contain rip-up clasts and carbonate pisoliths suggesting deposition in a highenergy environment. Exceptionally well-preserved, morphologically diverse, microfossil assemblages have been described from the Gunflint Iron Formation (Barghoorn and Tyler 1965; Knoll et al. 1978; Lanier 1989) . The ultra-fine-grained magnetite from stromatolitic chert of the Gunflint Iron-Formation was interpreted by Chang et al. (1989) as biogenic. These studies, among others, suggest that the Biwabik Iron Formation was deposited in a shallow water environment that supported microbial communities.
In the contact metamorphosed portion of the Biwabik Iron Formation, well-exposed in the LTV and Northshore Mining Company mines, we have been able to identify isograds marked by the appearance of the following minerals: (1) grunerite, (2) hedenbergite, (3) olivine, and (4) orthopyroxene (Fig. 1 ). This study focuses on a suite of five samples representing varying metamorphic grade, from outside the contact aureole to above the fayalite-in isograd.
Sample descriptions
All samples were collected from fresh faces of active mines, and are unweathered. Because of the finely banded nature of the formation and incomplete exposure across the aureole it was not possible to sample a single horizon with increasing metamorphic grade, therefore there may be variation in the chemical composition of the protoliths. However, the Biwabik Formation is remarkably free of continental detritus (Gundersen and Schwartz 1962) ; all samples therefore represent chemical metasedimentary rocks. The five samples were chosen to represent a suite that attained a range of peak temperatures from <200 to >700°C as discussed below.
The lowest grade sample, A, lies outside the contact aureole ( Fig. 1) . It is composed of layers of massive greenalite from 0.1 to 0.5 cm wide, which could consist of compressed greenalite granules, coarse-grained carbonate-rich layers in which carbonate appears to have partially replaced greenalite granules, and finegrained carbonate layers that contain sparse greenalite granules (marked ''G'' on Fig. 2a ). The abundance of magnetite is variable. Little to no magnetite is present in the thicker, fine-grained carbonate-rich layer (marked ''S'' on Fig. 2a ) but fine-grained magnetite (<0.1 mm) is present in the adjacent thin fine-grained carbonate-rich one. Idioblastic magnetite also forms rims on greenalite granules and has replaced greenalite to varying extent in both the massive and granular greenalite layers (see area 3, Fig. 2a ). Both the coarse carbonate replacing greenalite and that in the finegrained layers are sideritic (Fig. 3) .
The second-lowest grade sample, B, is composed of granules that were probably originally greenalite but which have been replaced by sparry carbonate and chert. It also contains fragments of carbonate and fragments of chert partially replaced by carbonate (Fig. 2b) . Hematite is present in both of these types of fragments; some is very fine-grained and probably primary, and some is coarser. Magnetite is widespread. By analogy with the Sokoman and Gunflint formations, the granules and fragments have been interpreted as current-deposited clasts of siliceous sediment derived from low-to high-energy sedimentary deposits within the Biwabik depositional basin (Lanier 1989; Simonson 1987) . Some of the matrix is red-colored because of the presence of hematite, whereas elsewhere it is more chert-rich. Because of the occurrence of hematite and magnetite, oxygen fugacity was around that of the hematite-magnetite buffer (HM), the highest of any of our samples. Clasts contain carbonates of two or more compositions: (1) almost pure calcite (analysis 1, Table 1); and (2) two slightly different compositions of Fe-bearing dolomite (analyses 2 and 3, Table 1 ). Siderite is absent (Fig. 3) . This is compatible with the observations of Floran and Papike (1978) in the Gunflint Iron Formation, who noted that at increasing metamorphic grade, siderite and ankerite disappear and calcite takes their place. The iron in this sample is present primarily in oxides and carbonates: the only Fe-bearing silicate is minor (1-2%) chlorite.
Sample C was collected from just above the hedenbergite-in isograd. It is composed of large crystals of hedenbergite growing over a matrix of quartz, magnetite, and minor actinolite (analysis 4, Table 1 ) and calcite (analysis 5, Table 1 ). The relict granular texture of the matrix is preserved by magnetite that outlines the granules and quartz that fills them (Fig. 2c) . There is no measurable compositional zonation within the hedenbergite (analyses 6 and 7, Table 1 ).
Sample D is a banded rock composed of two types of layers. Most of the rock is composed of thick horizons of magnetite interleaved with thinner layers of grunerite (analysis 8, Table 1 ) with minor apatite and actinolite (analysis 9, Table 1 ). Also preserved in this sample is a 2 mm-wide layer of chert and carbonate, Fig. 2 Transmitted light photomicrographs of samples analyzed in this study. Images are the length of a standard thin section (3.8 cm). Areas from which analyzed samples were taken are indicated with the sample number in black. a Lowest grade banded iron formation sample, composed of layers of sideritic carbonate (1) and greenalite (2). The thickest carbonate layer, marked ''S'', contains no magnetite. Some greenalite granules are well-preserved (see examples marked ''G'') but in some greenalite layers they are extensively replaced by magnetite (layer marked 3). b Oxidized, granular iron formation, composed of granules replaced with chert or carbonate and larger fragments (outlined by thin lines). Dark material in clasts and matrix is fine-grained hematite and magnetite. Several fragments cemented with chert are indicated by ''C''. c Hedenbergitebearing granular iron formation, in which large hedenbergite crystals (marked ''cpx'') overgrow a matrix dominated by quartz and magnetite with minor calcite and actinolite. d Gruneritebearing banded iron formation, composed of thick layers of hedenbergite and magnetite (labeled 1) and thinner horizons composed of layers of grunerite (outer layers of sampled area D3), hedenbergite (labeled 3), carbonate and chert (labeled 2). e Fayalite-bearing iron formation composed of olivine (~40%), quartz (~45%) and magnetite (~15%) with minor grunerite and orthopyroxene. Some of the larger olivine grains are labeled. Magnetite is concentrated in bands in this rock rimmed by a 1 mm-wide layer of coarse-grained hedenbergite (analysis 10, Table 1 ), in turn rimmed by a 1 mm-wide layer of grunerite (Table 1 ; Fig. 2d) .
Sample E is the highest-grade sample analyzed. It is composed of olivine, quartz and magnetite with minor grunerite (analysis 11, Table 1 ) and orthopyroxene (analysis 12, Table 1 ; Fig. 2e ). In magnetite-rich layers, olivine is unzoned where it is adjacent to quartz (analyses 13 and 14, Table 1 ) but has a slightly more iron-rich rim where olivine is adjacent to grunerite (analysis 15, Table 1 ). This suggests that the zoning did not form during growth but instead reflects thermal diffusion at high temperature. Sample E has oxygen fugacity slightly above that of the fayalite-magnetitequartz buffer (FMQ), which is the lowest of any sample analyzed here.
Contact metamorphism of the Biwabik Iron Formation
The maximum temperatures attained across the contact aureole developed within the Biwabik Iron Formation can be estimated from phase relations within the systems FeO-SiO 2 -H 2 O and CaO-FeO-MgOSiO 2 (Fig. 4) . Reaction curves for the system FeOSiO 2 -H 2 O in Fig. 4 were calculated from the data of Andersen et al. (1993) , Berman (1988) , Lattard and Evans (1992) , and Rasmussen et al. (1998) . The pressure of the contact aureole is constrained to lie between 1 and 3 kilobars, with 2 kilobar being perhaps the best estimate (Andrews and Ripley 1989) . At these pressures, minnesotaite forms by reaction of greenalite with quartz [reaction i, Fig. 4 ] at around 160°C. Because Mg favors minnesotaite over greenalite, this is the high-temperature limit for the appearance of minnesotaite; it will form at lower T in more Mg-rich rocks. In the rocks from outside the contact aureole we have observed greenalite without minnesotaite, greenalite + minnesotaite, or minnesotaite without greenalite. This variation probably reflects differences in FeO/(FeO + MgO) ratio of the rocks. O-isotope temperatures derived from data on magnetite-quartz pairs (Perry et al. 1973 ) and revised using the expression of Clayton and Keefer (1991) yield temperatures of around 200°C for the regional metamorphism. Natural greenalite contains significant amounts of ferric iron (Floran and Papike 1975) and this may explain the difference between the O-isotope temperature and theoretical breakdown curve for greenalite shown on Fig. 4 ). Sample B comes from below the grunerite-in isograd. Reaction iii on Fig. 4 limits the conditions of the grunerite-in isograd to around 340°C. Two factors make this estimate uncertain. First, the presence of Mg in the system will stabilize minnesotaite to higher T. Second, much of the grunerite in the iron formation formed from siderite rather than minnesotaite. This means that there was CO 2 in the fluid, the presence of which would depress reaction iii to lower T. We therefore suggest a maximum temperature of 300 to 340°C for sample B during contact metamorphism.
The maximum temperature attained by sample C, which comes from just above the hedenbergite in isograd, is difficult to constrain. We have not shown a univariant reaction on Fig. 4 that can be used to estimate the temperature for the first appearance of hedenbergite because the hedenbergite-forming reaction must have involved carbonate, and therefore could not be plotted as a univariant curve in Fig. 4 . The isograd occurs partway between the grunerite-in isograd [ca. 350°C and the fayalite in isograd (575°C) (Fig. 1)] . A reasonable, but highly uncertain, estimate for the temperature of this reaction is 500°C.
Sample D comes from just below the fayalite-in isograd and probably was metamorphosed to 500-550°C. Fig. 4 Phase relations for the system FeO-SiO 2 -H 2 O calculated from the data of Andersen et al. (1993) , Berman (1988) , Lattard and Evans (1992) and Rasmussen et al. (1998) . The placement of letters A-E indicate the estimated peak metamorphic temperatures attained by these samples based upon their mineral assemblages
The first fayalite forms from breakdown of grunerite via reaction iv) on Fig. 4 . This occurs at 550 to 580°C in the pure FeO-MgO-SiO 2 -H 2 O system. The presence of CO 2 in the fluid would cause this dehydration reaction to occur at lower T. However, this should not affect our temperature estimate because mineral assemblages in samples undergoing this reaction do not include carbonate, indicating that all the carbonate in the iron formation had been consumed by the time the fayalite isograd was reached. Thus, continued dehydration of the hydrous silicates should have driven the fluid to a water-rich composition by the time that olivine started to form. The temperature given by reaction iv is a lower limit for fayalite because Mg strongly favors grunerite. Thus in more magnesian systems reaction iv occurs at progressively higher T. In systems with sufficiently high Mg, breakdown of low-Ca amphibole forms orthopyroxene rather than olivine.
Based upon the coexisting olivine, orthopyroxene and grunerite (Table 1) , we conclude that sample E attained temperatures of approximately 725-740°C (Evans and Ghiorso 1995) , an estimate that is independent of pressure in the range of 2-5 kb.
Analytical methods

Sample preparation
Polished thin sections were made of each sample and the electron microprobe was used to estimate mineral abundances and compositions. A diamond wafer saw and tungsten carbide tipped micro-drill bit were used to separate mechanically layers of banded iron formation and to obtain separates rich in various silicates and oxides; these portions of the samples are indicated on Fig. 2 . Magnetite was then removed from these samples magnetically and dissolved in 6M HCl. The remaining non-magnetic portion of the sample was subjected to a series of sequential dissolutions to isolate different mineral components. First, carbonate was removed from samples using 10% acetic acid. The sample in acetic acid was agitated ultrasonically for 1 h at room temperature, then left overnight. After centrifuging, the supernate solution was removed by pipette and the residue rinsed repeatedly with deionized water. Fe-oxides and greenalite were removed from samples by adding 1M HCl, and heating overnight at 100°C. The supernate solution was removed by pipette after centrifuging and the 1M HCl treatment repeated. After the second addition of 1M HCl was removed, the residue was rinsed with deionized water. Any remaining sample was digested with HF. In sample E, quartz was removed from olivine and minor grunerite using heavy liquids. The olivine and grunerite fraction was then rinsed repeatedly with acetone prior to dissolution in HF-HNO 3 .
All dissolved mineral separates were analyzed for major element compositions by ICP-AES. We identified the composition of the carbonates from these analyses (Fig. 3) . We also used these analyses to check the purity of the minerals that were dissolved in each step. The possible contamination of the acetic and hydrochloric acid leach steps with silicates was estimated from the Fe/Si ratios of these solutions. The amount of silicate Fe in the acetic and hydrochloric leach steps was calculated from the measured Si concentrations and the stoichiometric Fe/Si ratios of the silicate minerals. All acetic and hydrochloric leachates were estimated to contain less than 6% Fe from silicate minerals, except for HCl leachate D1.1 which was somewhat higher. These results give the maximum estimate of contamination because minor amounts of chert or quartz that is present in most of the layers was neglected for the calculations. Assessment of the presence of Fe-oxides in the acetic leachate (intended to separate carbonates) and the presence of undissolved carbonates in the hydrochloric leachate (intended to dissolve greenalite and Fe-oxides) is more difficult, but the major element compositions of the leachate solutions suggest that the stepwise leaching was successful. For example in sample B, acetic leachate solutions contained 220-970 ppm Ca with Fe/ Ca ratios of 0.03-0.19 whereas the corresponding hydrochloric leachate solutions contained between 0.06 and 19 ppm Ca with Fe/Ca ratios of 75-3,640.
Iron isotopic analysis
Fe was extracted from the samples using the procedures described in . The Fe separated from all samples was checked for purity by ICP-AES measurement prior to isotope analysis.
Fe isotope analyses were measured on a ThermoFinnigan Neptune MC-ICP-MS in medium-resolution mode (Weyer and Schwieters 2003 Several aspects of the iron isotopic data merit detailed description.
1. Isotopic inter-layer heterogeneity Substantial layer-to-layer heterogeneities are observed in the lowest grade, banded, iron formation sample (sample A). The bulk d 56 Fe calculated from modal mineralogy varies from layer to layer (Fig. 5) , and is higher in the silicaterich layer than in the carbonate-rich ones. Three different layers were analyzed in this sample (Fig. 2) . A sample of a thin carbonate-rich layer was cut from sample A. A1 is the non-magnetic portion of this layer. 
Discussion
The results presented above illustrate that although iron formation is chemically simple, these rocks are clearly complex in terms of the processes that involve iron and potentially fractionate iron isotopes. We may identify three periods during which iron may be redistributed in Biwabik Iron Formation: (1) during primary deposition of the iron formation and early diagenesis, (2) during later diagenesis, perhaps up to and including low-grade regional burial metamorphism, and (3) Table 2 Deposition and early diagenesis of banded iron formation It has been suggested that BIF precipitated from seawater rich in dissolved, hydrothermally sourced ferrous Fe and close to silica-saturation. Dissolved silica, when at saturation, would react with iron to form amorphous iron-silicate gels (Konhauser et al. 2002) . These would readily react to form early diagenetic minerals, including chert, greenalite, siderite and hematite (Klein 2005) . The sedimentology of iron formation indicates that these reactions probably occurred in a variety of subtidal environments (Simonson 1985) . Finely banded iron formation consisting of chemical mud may have been deposited in quiescent environments well below wavebase. On the other hand, iron formation that is composed of rip-up clasts and well-sorted greenalite granules may have formed originally on shallow, high-energy shelves. These chemical sediments were probably originally deposited in relative quiet water, and were reworked by turbulent currents. These greenalite granules were then washed down and deposited on top of lutitic horizons, probably during storm events. The fact that the granules are typically uncompacted suggests that these layers underwent early silica cementation (Lanier 1989) .
The primary Fe-silicate mineral in Biwabik Iron Formation is greenalite, which is typically fine-grained, and brownish green. As noted above, most of the greenalite in the Biwabik Iron Formation is detrital in origin, occurring as sand-sized granules. We have recognized one occurrence of massive greenalite, but textures indicate that this could have formed from compacted granules. We conclude that greenalite was initially precipitated elsewhere, lithified, rolled and sorted, and then re-deposited as sand-sized granules (Gundersen and Schwartz 1962 ). These greenalite sands were then cemented by chert to form layers that typically are 5 mm to 5 cm thick (Gundersen and Schwartz 1962 ; this study). Sparse greenalite granules are present in some carbonate layers, but these are relatively rare.
Sideritic carbonate is a major phase within the finely-laminated lutitic layers. It typically forms thin, millimeter-to centimeter-thick layers between the thicker layers of greenalite granules. The siderite is typically micritic, but locally it is pelloidal, pisolitic, and rarely oolitic. It is present in sample A, together with fine-grained iron-bearing minerals and chert. The thin carbonate layer in sample A contains magnetite, but the thick carbonate layer immediately adjacent does not. This observation is in accordance with those of James et al. (1968) , who observed that whereas the mineral constituents of a given layer tend to be uniform laterally, they can change abruptly from layer to layer. Although it has been proposed that siderite precipitates as primary phase from seawater (Klein 2005) , some siderite could represent an early diagenetic phase resulting from microbial oxidation of organic matter and the simultaneous reduction of Fe(III) hydroxides (Lovley 1990 ). The latter hypothesis is supported by the fact that in samples of low-grade Biwabik Iron Formation, most siderite layers contain dark brown kerogen on carbonate grain boundaries. This hints at the possible involvement of microbes during diagenesis. Siderite formation during oxidation of organic matter by dissimilatory iron reducing microbes (DIR) is possible at elevated pH according to the following reaction hydroxides (Lovley 1990) :
This microbially mediated reaction results in the presence of a high pH at the surface of Fe(III) hydroxide. The high pH and the high bicarbonate content facilitates the precipitation of siderite:
One of the earliest diagenetic minerals is fine-grained quartz, which in many layers was deposited in the intersticies of the greenalite sand before the granules had undergone compaction. Another early diagenetic mineral, hematite, is present as clasts and as fine, dusty material within clasts in relatively oxidized iron formation (sample B). Most probably hematite is an early diagenetic product of the crystallization of amorphous Fe(III) oxy-hydroxides. French (1968) concluded that very fine-grained magnetite crystals (5 microns or less in size) in the Biwabik Formation could be primary but that the far more common, coarser euhedra, 0.05-0.1 mm in size, were secondary. Klein (2005) has speculated that magnetite might form from a primary hydromagnetite precursor. More likely is an early diagenetic origin. Microbiological studies suggested that primary magnetite of nanometer size might precipitate intracellularly by magnetotactic bacteria (Konhauser 1998 ). However, a 5,000 times higher production rate of secondary diagenetic magnetite, also of nanometer size, was suggested to take place by extracellular processes by dissimilatory iron reduction (Lovley et al. 1987) . The required conditions are the close association of Fe(II) and Fe(III) at high pH, which is the result of the activity of Fe(III)-reducing microorganisms. The magnetite-forming reaction is
Magnetite can compete with siderite for Fe(II) (Lovley 1990) , and often both occur in association. This is essentially the Fe(III)-reducing process that was calibrated for Fe isotopes (Johnson et al. 2005b) . Evidence for this reaction is found in the association of magnetite with carbonates low in d 13 C (Lovley 1990 ). Identification of the Fe isotopic fractionations associated with the primary deposition and early diagenesis of iron formations is problematic. As we discuss below, iron has undergone extensive mobilization during later diagenesis and regional burial metamorphism of the Biwabik Iron Formation, making it difficult to see through these effects in order to identify the primary and early diagenetic isotopic composition of the iron.
Of our suite, only samples A and B might preserve iron isotopic compositions of primary and early diagenetic minerals. As described above, sample A contains alternating micritic carbonate layers and layers of greenalite sand, whereas B is a hematite-bearing, carbonate-rich breccia. There is no question that the layering in sample A and the clasts and fragments in sample B are primary depositional features. Therefore, the observed variations in d 56 Fe could reflect primary isotopic heterogeneity in the composition of magnetite, siderite and greenalite deposited in different layers and fragments. However, because the rocks have been subject to later diagenetic and low-grade regional metamorphism, it is possible that there has been some later redistribution of iron isotopes that has affected their isotopic composition.
If the d 56 Fe of greenalite, siderite, hematite and magnetite are the result of primary to early diagenetic processes, then we must explain the major variations in d 56 Fe between samples, and between layers and clasts within low-grade samples A and B. For example, in sample A, the d 56 Fe of magnetite in a greenalite layer is 0.83& higher than magnetite in a carbonate-rich layer. This difference in the iron isotopic composition of magnetite from immediately adjacent layers represents a third or more of the total variation observed in magnetite from other iron formations worldwide. Rouxel et al. (2005) If these variations reflect original, primary heterogeneities, then there are two possible explanations. The first is that the layer-to-layer heterogeneities reflect differences in the Fe composition of the source from which they were delivered or the fluid from which they were precipitated. In the Biwabik Iron Formation, it is likely that the carbonate-rich layers were originally deposited in quiet, presumably deeper waters than greenalite. It is possible that the shallow waters from which the greenalite precipitated had a different composition than the waters from which the carbonate precipitated, producing different bulk d 56 Fe for each layer. For example the carbonate Fe may be dominated by hydrothermal Fe, which has today a d 56 Fe composition of roughly -0.5& (Sharma et al. 2001) , while greenalite might comprise a mixture of terrigenous and hydrothermal sources. It is possible that the iron isotopic composition of seawater would be affected by fractionation processes taking place within the water column. Oxidation of Fe(II) aq would produce Fe(III) aq that is 2.9& heavier (Welch et al. 2003; Anbar et al. 2005) . Precipitation of such unsoluble Fe(III) aq into ferrous (hydr)oxides would produce a precipitate that is up to 1.5& lighter than Fe(III) aq (Bullen et al. 2001; Skulan et al. 2002) . Assuming that the reaction does not go to completion, then a ferrous precipitate would leave a light seawater residue behind. Rouxel et al. (2005) suggested that a Rayleigh distillation process driven by Fe oxide deposition could decrease the d 56 Fe of seawater, which in turn would lead to subsequent precipitation of isotopically light oxide and sulfide minerals. They suggested that the competitive effects of episodic Fe supply from hydrothermal sources and Fe oxide precipitation would cause both Fe concentration and Fe isotopic composition of Precambrian seawater to fluctuate. These processes might potentially act on short time scales if the ocean is partially oxidised and could therefore change the Fe content and Fe isotopic composition of the oceans, producing the observed stratigraphic variations in d 56 Fe of Fe-minerals in BIF and other seafloor sediments. It is tempting to invoke a light seawater residue to explain some of the light layer compositions, whereas the heavy layers could have been precipitated from oxidized seawater.
Alternatively, the Fe isotopic composition of seawater may have been uniform, and the observed variations in d 56 Fe are simply a function of the different fractionation factors of the different mineralogies that compose the individual layers. For example, the primary carbonates in sample A are isotopically light simply because the equilibrium fractionation factors for these minerals are different than for other minerals such as magnetite. Siderite precipitated from Fe(II) aq is predicted from spectroscopic data to be approximately 1.5& lighter in d 56 Fe than the iron dissolved in the fluid (Polyakov and Mineev 2000; Schauble et al. 2001) . A preliminary experimental determination of this isotope fractionation resulted in D siderite-Fe(II)aq of -0.5 & (Wiesli et al. 2004) . Similarly, the Fe oxides measured in our samples are all heavier than both carbonate and greenalite because oxide precipitation favors heavy Fe (e.g., Polyakov and Mineev 2000) . In this model, the isotope composition of each layer is controlled by its mineralogy and the relative modes of the minerals occurring in it.
A variant of this model is a scenario in which isotope fractionation occurs during early diagenesis. This model was explored in detail by Johnson et al. (2005b) . Fe(III) hydroxide reduction by dissimilatory iron reduction (Lovley 1990; Lovley et al. 1987) would result in the formation of Fe(II) aq that is 2-3& lighter in d 56 Fe than the Fe(III) substrate. Carbonate that precipitated from this fluid is between 0 and 1& lighter than the fluid, while magnetite would be 1.3& heavier (Johnson et al. 2005b ). Overall, Fe incorporated into all these minerals would be lighter than the original oxide substrate, but carbonates would always be lighter than magnetite. This pattern is observed in the Biwabik samples, as well as in BIF minerals of Kapvaal samples . Magnetites that have formed without this reductive process involved would incorporate heavier iron (Johnson et al. 2005b ). The iron isotope composition of silicate minerals that would be predicted by this model is less clear. No data on the fractionation of greenalite from fluid exists, but in general silicates containing Fe(II) are predicted to obtain light Fe in equilibrium as compared to Fe(III) fluids and minerals (Polyakov and Mineev 2000) . Their composition should be similar to that of carbonates, and this is in general agreement with our analyses. We expect some form of isotopic equilibrium involving greenalite, despite its presumably detrital origin, because as will be shown below, greenalite participates in diagenetic reactions breaking down to siderite or magnetite.
The discussion above suggests that it is possible to interpret the observed variations in d 56 Fe as primary isotopic heterogeneities. However, because the rock has been subject to significant later diagenetic and lowgrade regional metamorphism, we must examine the possibility that redistribution of iron during these subsequent events has totally overprinted their original isotopic compositions.
Diagenetic processes
It is clear from textural evidence that most of the magnetite in the Biwabik Iron Formation formed during late diagenesis or regional, low-temperature burial metamorphism. Previous workers on the Biwabik have presented three arguments for the late diagenetic origin of coarse-grained magnetite. First, coarse magnetite euhedra overgrow and pseudomorph primary greenalite (LeBerge 1964; French 1968; Floran and Papike 1975) and these magnetites are texturally similar to those growing along the margins of siderite horizons. Second, and most important, the coarse magnetite euhedra in the Biwabik have overgrown finer grains of hematite (Han 1978) . Finally, there are a few localities in the unmetamorphosed Biwabik Formation that are unusually poor in magnetite. Magnetite in these rocks forms thin overgrowths on the primary greenalite and siderite minerals, suggesting that the primary sedimentary assemblage contained little magnetite (Juneau 1979) .
In our samples we have observed that greenalite has been partially or totally replaced by coarse, sparry carbonate (both siderite and ankerite), coarse, euhedral magnetite, and quartz ( Fig. 6a-d) . Carbonate layers are variably replaced by magnetite. Some layers show large subhedral magnetite crystals replacing fine-grained carbonate (Fig. 6e) , and other carbonate layers are cross-cut by magnetite veins (Fig. 6f) . These textures and inferred diagenetic reactions in the iron formation discussed below amply demonstrate that diagenesis was associated with extensive element mobility. Importantly, the progress of these diagenetic reactions was variable, both in terms of degree of completion and length-scale. For example, in sample 97LTV9 (Fig. 6g ) a 5 mm-thick layer of greenalite granules with thin rims of magnetite (center-right of figure) is immediately adjacent to a layer in which greenalite is almost entirely replaced by magnetite (center left, Fig. 6g ). In addition, hematite persists in an adjacent silicified layer (right, Fig. 6g ), suggesting that no diagenetic fluids penetrated this part of the rock. All of these features indicate that the mobility of iron and the oxidation state of the fluids during late diagenesis varied on the scale of mm. Therefore, these diagenetic reactions must have taken place after at least some of the layers were effectively sealed, such that diagenetic fluids could move only through the remaining, variably permeable layers. We suggest that primary sedimentary heterogeneity is one important factor controlling the progress of diagenetic reactions in each layer, which in turn is a function of differences in abundance of carbonate, greenalite, hematite, and organic material.
We recognize three major reactions that occurred during late diagenesis: (1) replacement of greenalite by silica, (2) replacement of greenalite by carbonate, and (3) formation of magnetite.
1. Formation of silica In addition to deposition of chert in the intersticies of the greenalite sands, which Sample B. e Large blocky opaque grains of subhedral magnetite replacing fine-grained siderite. Minor amounts of fine-grained iron silicate minerals are also present in the matrix. Sample 96LTV13, location shown on Fig. 1 . f Portion of a small magnetite vein that cross-cuts the large siderite layer in sample A (see center-right of full-section image, Fig. 2a) . The top portion of this image is reflected light, and the lower portion is the same view in transmitted light. g Full-section image of sample 97LTV9 (location on Fig. 1) , showing variable progress of diagenetic reactions. Hematite is preserved in the 5 mm-wide silicified layer at the right end of the image, and greenalite granules have only thin magnetite rims in the 5 mm-wide layer adjacent. However, the greenalite granules on the left of the image are almost completely replaced with magnetite Contrib Mineral Petrol (2007) 153:211-235 225 we interpret as an early diagenetic feature, it is common to see greenalite being replaced by silica (Fig. 6a,  b) . The simplest reaction to write for this incongruent dissolution of greenalite is:
We balance this reaction using Fe ++ as the mobile ion even though it is likely that iron was speciated with chlorine or an organic complex. At any rate, regardless of the speciation, it is clear from the textures that iron has been mobile. Reaction 4 involves a 78% decrease in the volume of solids. Because the chert pseudomorphs after greenalite granules have the same nearly circular cross-section as the primary granules, it is clear that reaction 4 isn't the only reaction taking place in the dissolution of greenalite. Silica in addition to that which was originally tied up in greenalite has to be added to the granule pseudomorphs.
2. Formation of siderite The alteration of greenalite to siderite can be modeled by the following reaction:
If the stoichiometry of the greenalite breakdown occurred exactly as written in equilibrium (5), then greenalite granules would be replaced by siderite-quartz intergrowths that consist of 66% siderite and 34% quartz. It is rare to find such relations; in most pseudomorphs the greenalite has been totally replaced either by quartz (Fig. 6a, b) or by siderite (Fig. 6d) . This means that in the latter case, the alteration of greenalite to siderite commonly involves removal of silica.
3. Formation of magnetite We recognize three processes by which magnetite may have formed in the iron formation: (a) it could have been reduced from hematite, (b) it could have grown by oxidation of ferrous iron in siderite and greenalite or (c) it could have grown by oxygen-conserving reactions involving hematite with siderite or greenalite.
(a) Reduction of hematite One possible means of the formation of magnetite would be reaction between hematite and organic matter in the rocks. This reaction can be written as
It is possible that some magnetite in sample B formed by this reaction, because in this rock some of the magnetite is fine-grained and intimately associated with hematite (Fig. 2) . However, we conclude that the majority of the magnetite in the Biwabik Formation did not form in this way because of textural evidence showing magnetite growth on siderite and greenalite.
(b) Oxidation of ferrous iron As noted above, the dominant textures in the iron formation indicate that magnetite replaced greenalite or siderite. In discussing these reactions we must keep in mind that the reactions must involve an oxygen donor because oxygen abundance in the fluid is vanishing small (Frost 1992a) . The most likely donor in iron formations involves the formation of methane from water and carbon dioxide. Two possible reactions are: The best textural evidence for the presence of these reactions (especially reaction 8) is the presence of magnetite veins (Fig. 6f) . These reactions may also have been the source of silica and carbon dioxide required for reactions 4 and 5. These reactions may have been biotically mediated, a likely occurrence considering the abundance of kerogen in many of the samples and the common occurrence of microfossils within the Biwabik and Gunflint Iron Formations (Lanier 1989; Chang et al. 1989 ). However, considering that the carbon isotopic compositions of carbonate from the Biwabik, correlative Gunflint, and other iron formations are heavier (d 13 C = -8 to -1&) than those that would have been deposited in association with biogenic methane (Perry et al. 1973; Winter and Knauth 1992; Klein 2005) , these methane-forming reactions were either minor or occurred on a scale smaller than that indicated by earlier isotopic studies.
(c) Reactions of hematite with siderite and greenalite Another way to produce magnetite is through reactions between hematite and a source of ferrous iron. Two of the most likely are Reactions 9 and 10 explain the textures observed in most samples described in this study and the textures indicating that magnetite in unmetamorphosed iron formations nucleated on hematite (Han 1978) . Because all the ferric iron for the formation in these reactions is donated from hematite, these reactions are accompanied by a 47% volume increase in the abundance of iron oxides.
Unlike reactions 7 and 8 which may be bacterially mediated, reactions 9 and 10 are likely to occur in response to regional, burial metamorphism as the siderite-hematite and greenalite-hematite-quartz buffering surfaces crossed the hematite-magnetite buffer (Frost 1979 ). As noted above, magnetite-quartz oxygen isotope thermometry (Perry et al. 1973) indicates that the regional metamorphic temperatures were around 200°C.
Because of the high degree of elemental mobility that accompanied diagenesis of the Biwabik Iron Formation, it is very likely that the movement of iron during diagenesis and growth of magnetite controlled the observed d
56
Fe and modified any primary and early diagenetic variations in iron isotope compositions. We also observe tremendous layer-to-layer heterogeneities in oxygen fugacity. For example, samples from the amphibole and hedenbergite zones possess millimeter-to centimeter-scale variation in the X Fe of the silicates, hence a corresponding variation in f(O 2 ). For example, one sample preserves a gradient over 5 mm of thin section from a layer containing clinopyroxene and actinolite (X Fe in both minerals~0.4) together with abundant magnetite, to a layer with hedenbergite and ferroactinolite (X Fe = 0.97) with no magnetite. We attribute these differences to differences in the progress of the original magnetite-forming reactions from layer to layer. These relations indicate minimal equilibration of Fe and f(O 2 ) across the layers. The variations in diagenetic reaction progress suggest that fluid flow was layer-parallel and that there was not likely much transport of Fe and Si perpendicular to the layering. The implication, therefore, is that the isotopic composition of iron also may be locally controlled by reactions within the layers. This is a likely explanation for the 0.83& difference in the d 56 Fe of magnetite from adjacent layers in sample A. It also suggests that d 56 Fe of magnetite may be quite different from place to place, and that these heterogeneities predate any subsequent redistributions during contact metamorphism.
The observed d 56 Fe values of minerals in lowgrade samples A and B are in general agreement with the hypothesis that these d 56 Fe are the result of iron isotopic equilibration during diagenesis. For example, in the greenalite layer of sample A, magnetite has higher d 56 Fe than greenalite. In the thin carbonate layer, the relative order of d 56 Fe is magnetite >Fe-silicate ‡carbonate. This relative order is consistent with the observations of Johnson et al. (2003) and with the theoretical predictions from spectroscopic data (e.g., Polyakov and Mineev 2000; see Polyakov et al. 2005 for a downward revision of the magnetite b-factor), and suggests that the isotopic difference between minerals may be controlled by equilibrium fractionation. In sample B, chlorite has higher d 56 Fe than magnetite, and both are heavier than carbonates. The isotopically heavy chlorite is possibly consistent with the presence of ferric iron, which is correlated with isotopically heavier d 56 Fe (see discussion in Schauble 2004, also Polyakov and Mineev (2000) predict compositions that are heavier than the revised magnetite value for ferric silicate minerals). Magnetite and hematite have similar d 56 Fe, which agrees with revised fractionation factors for magnetite (Polyakov et al. 2005) . Overall, there is general agreement between the observed mineral d 56 Fe and empirical and theoretical equilibrium fractionation factors in both samples A and B.
It cannot be overemphasized that although within layers the minerals may have attained isotopic equilibrium during diagenetic reactions, no such equilibrium was achieved from layer-to-layer or sample to sample. We have observed that the bulk d 56 Fe is different for the three different layers analyzed in sample A, and for sample B. These heterogeneities indicate that the isotopic composition of iron is controlled by diagenetic fluids and reactions, and that these vary from layer-to-layer. Evidence from low-temperature samples A and B indicates that these heterogeneities were established during deposition and diagenesis, prior to contact metamorphism.
Metamorphic processes
General principles
There are several possible mechanisms that control the stable isotopic composition of metamorphic minerals. Gilleti (1986) recognized that coexisting minerals will not establish isotopic compositions that correspond to equilibrium fractionation factors unless all minerals are open to element exchange. We can envision four possible models for Fe isotope exchange between metamorphic minerals, depending upon whether they are open to Fe diffusion or not during dissolution-precipitation processes (Fig. 7) . For simplicity we model the simple system in which there are only two Fe-bearing minerals in the rock, X and Y. Only when both minerals are open to diffusion or recrystallize by mineral reaction (model 1) will equilibrium fractionation factors be established. If no minerals are open to diffusion (model 2), or if iron does not diffuse in the reactant mineral (model 3), then during reaction transfer there will be no fractionation of Fe isotopes. If the product mineral is closed to diffusion, then an isotopically zoned mineral will be produced, such that at any time during its growth the d 56 Fe of its rim will be in isotopic equilibrium with the reactant minerals.
Fe isotope fractionation during contact metamorphism of the Biwabik Iron Formation
Because iron in contact metamorphosed Biwabik IronFormation samples is hosted in relatively few minerals, the Fe isotope systematics are controlled by the ferrous iron in silicates and carbonates and by the ferrous and ferric iron in magnetite (±hematite). If equilibrium was achieved between metamorphic iron-silicates and magnetite, then the difference in their compositions may be used as a thermometer. Iron isotopes may be redistributed during metamorphism either by diffusion or by mineral reactions. As is well-known from geo- In this case the isotope difference between both minerals would always correspond to the equilibrium factor D, regardless of the relative abundances of these minerals. The absolute composition of the precursor and reactant, however, would depend on mass balance and would follow a Rayleigh law. Model 2 Both reactant and product minerals are closed to internal Fe diffusion during their reaction in thermodynamic equilibrium. In this case one can envisage the process taking place as a transfer of Fe layer by layer. Initially a transient change in the abundance of isotopes would be established in the depleted outermost layer, but this would balance out in steady state (Brantley et al. 2004) . At steady state, Fe would be transferred from reactant to product in identical compositions. This is the scenario most probable in the rocks studied here. Minerals pass their composition on through the various ''generations'' of Fe minerals. They do not show isotopic equilibrium. Model 3 The precursor is closed to internal Fe diffusion, but the product is open. This would result in the same isotopic pattern as in setting 2, because Fe is transferred layer by layer. Model 4 The product is closed to internal diffusion, but the precursor is open. In this case the precursor would always release Fe so that D to the product is established. The precursor will continuously evolve isotopically, and at the same time homogenize by diffusion. The product will obtain these evolving compositions as it grows. Thus, an isotopically zoned product mineral will evolve, the rim composition of which will be that of the remaining precursor plus D thermometry, Fe-Ti oxides will be open to diffusion to lower temperatures than silicates (e.g., Frost et al. 1988) .
Several workers have noted that available diffusivity measurements (Freer and Hauptman 1978) vastly overestimate the diffusivity of magnetite due to the use of a polycrystalline titanomagnetite aggregate, which yields diffusion profiles that include a contribution from grain-boundary diffusion (Aragon et al. 1984; Liermann and Ganguly 2002) . Therefore in our study we estimate the temperature at which magnetite closed to diffusion by the closure temperature of the Fe-Ti oxide thermometer. During cooling, magnetite and ilmenite reequilibrate by the TiFe 2+ Fe -1 3+ exchange vector. Ferry et al. (1987) obtained Fe-Ti oxide temperatures from the high-grade portion of the contact aureole around Tertiary gabbros and granites on the Isle of Skye. Like the aureole around the Duluth gabbro, the Skye aureole was produced by a shallow gabbroic intrusion and rocks adjacent to it were metamorphosed to extreme temperatures. Pyroxene thermometry from the highest-grade rocks indicate equilibration at temperatures around 1,000°C, whereas Fe-Ti oxide thermometers record temperatures from 650 to 680°C (Ferry et al. 1987) . Ferry et al. (1987) maintain that the oxide temperatures are low because they were reset by Fe-Ti interdiffusion on cooling. We suggest that this establishes an empirical closure temperature for Fediffusion in magnetite in rapidly cooled terranes (Fig. 8) . The empirical closure temperature for magnetite of 650-680°C in the Skye contact aureole is far higher than the ca. 500°C one calculates from the diffusion data of Freer and Hauptman (1978) , providing additional evidence that their estimates of diffusion in magnetite are too high.
The probable closure temperature for magnetite is higher than the maximum temperatures attained by samples C-D (Fig. 8) , and therefore we do not expect that magnetite in any of these samples re-equilibrated by diffusion during contact metamorphism. On the other hand, sample E did attain temperatures in excess of this 650-680°C and hence potentially may have experienced diffusive resetting. Nevertheless, magnetite can only exchange Fe if there are other minerals that are open to exchange. Because carbonates have reacted out from the iron formation by 500°C, the only likely minerals with which magnetite can exchange are the silicates. Olivine is generally accepted to be the fastest diffusing silicate because it seldom preserves chemical zoning. The diffusion of Fe in olivine therefore places a lower limit on the temperatures at which silicates will close to Fe diffusion. The grain size of olivine from sample E ranges from 1 to 2 mm. Using the values for Mg-Fe interdiffusion in forsteritic olivine (Chakraborty 1997) this olivine should be closed to diffusion by 730°C. (Fig. 8) . Even olivine one-tenth the size of the grains in sample E would be closed to diffusion in the aureole by around 650°C. These calculations demonstrate that Fe isotopes in magnetite are unlikely to have equilibrated with silicates in any of our samples by process of diffusion.
However, magnetite may re-equilibrate at temperatures where it is closed to Fe diffusion if it is involved in metamorphic reactions. Most metamorphic reactions proceed by a dissolution-precipitation process (Carmichael 1969) . Minerals participating in a reaction should redistribute their Fe isotopes according to one of the models discussed above (Fig. 7) . However, in much of the contact metamorphosed portions of the Biwabik Formation it is unlikely that magnetite participated in the silicate-carbonate reactions during contact metamorphism. The simplest model for the consumption of Fe-silicates in a quartz-excess system to make magnetite is (Ferry et al. 1987 ) and for olivine from Mg-Fe interdiffusion in forsteritic olivine (Chakraborty 1997) for grain sizes of 1 and 2 mm. No sample except for sample E attained metamorphic temperatures above the closure T for magnetite. Valaas and Valley (2005) calculated from oxygen isotope exchange between quartz and magnetite that the high temperature portion of the aureole cooled from 800 to 700°C in 50 ky. Assuming that the thermal pulse in this portion of the aureole lasted between 50 and 150 thousand years (cf. Vallas and Valley 2005) , olivine grains of the observed size would be closed to diffusion by 730°C, and therefore oxide-silicate re-equilibration by this mechanism may not have gone to completion in the highest temperatures sample, E in which one mole of hydrogen is produced for every mole of magnetite. The extent to which this reaction can proceed is governed by the dissociation of water, which itself is a function of oxygen fugacity (Fig. 9) . The oxygen fugacity of Biwabik Iron Formation varies between the fayalite-magnetite-quartz buffer (FMQ) (for example, sample E) and the hematite-magnetite buffer (HM) (lying at approximately 5-6 log units above FMQ), represented for example by sample B). At 300°C and at oxygen fugacities of iron formation somewhere between HM and FMQ, X(H 2 ) will be between 0.001 to 0.000001. This means that for every mole of water that moves through the rock, between 0.000001 and 0.001 moles of H 2 and 0.000001 and 0.001 moles of magnetite may be produced by the oxidation of silicates. This is a negligible amount of magnetite, and we conclude that significant volumes of magnetite are neither formed nor consumed during contact metamorphism. As a result we conclude that over most of the aureole the difference in iron isotope compositions of magnetite and silicates cannot be used as a thermometer (c.f., Johnson et al. 2005a ). The one exception may be magnetite and olivine in our highest temperature sample, E. In this sample there is a small amount of Al in the magnetite, which suggests that the magnetite may have incorporated FeAl 2 O 4 by reaction with amphibole, the only Al-bearing phase.
Rather than involving magnetite, metamorphic silicates form from Fe-bearing carbonates or silicates by reactions that depend upon the composition of the protolith. Hedenbergite-forming reactions depend upon whether the pyroxene forms in a Fe-bearing silicate or Fe-bearing carbonate layer: 
The important point is that magnetite present in the rocks during contact metamorphism was not involved in the reactions that formed the metamorphic silicates and therefore we cannot assume that it equilibrated isotopically with the silicate minerals. As discussed above, only in the highest temperature sample E is there evidence that magnetite and silicates may have equilibrated with respect to iron isotopes. Even in this sample it is possible that only Fe(II) in magnetite and other minerals equilibrated and that Fe(III) in magnetite was immobile.
The discussion above provides a context in which to interpret the Fe isotope data for metamorphic minerals in contact metamorphosed Biwabik Iron Formation samples. d
56 Fe values generally decrease in the order magnetite >silicate ‡carbonate, which agrees with theoretical predictions from spectroscopic data (e.g., Mineev 2000, Polyakov et al. 2005) . The theoretical determination of fractionation factors from spectroscopic data is still in its early stages. Therefore, 56 Fe cpx-mt at 500°C is 0.57-0.4&. Although discrepancies between the magnitude of predicted and observed Fe isotope fractionations are not uncommon, we suggest that the discrepancy is unrelated to the accuracy of theoretical fractionation factors, but instead reflects the lack of iron equilibration between magnetite and these metamorphic Fe-silicates. We show this in Fig. 10 , where measured D magnetite-silicate or D magnetite-carbonate is plotted as function of metamorphic temperature. Shown too are envelopes for fractionation factors from reduced partition functions (Polyakov and Mineev 2000) , where two estimates for the revised magnetite b-factor, determined by both inelastic X-ray scattering, and by new Mö ssbauer spectroscopic data are used (Polyakov, personal communication) . It is obvious from Fig. 10 that at temperatures <500°C the measured D 56 Fe are variable and many measurements do not yield the temperature-dependent isotope fractionation that would be expected if isotopic equilibrium was achieved. Johnson et al. (2003) also have found heavier magnetite than carbonate in Transvaal BIF. As in our study, the Transvaal D magnetite-carbonate varied in an inconsistent manner. Our results show that a given mineral can have widely different isotope compositions in adjacent layers (Fig. 5) , and suggest the possibility that the Transvaal minerals have not equilibrated but have inherited their precursors compositions Because magnetite was inert during the formation of the metamorphic silicates, the d 56 Fe of these silicates is inherited from precursor Fe-bearing carbonate and silicate minerals. In the cases where only one Febearing mineral reacts to form another (not uncommon in these chemically simple rocks), then the Fe isotopic composition is also transferred unchanged from one mineral to the other, according to model 2 and/or 3 on Fig. 7 (Table 2 ) and theoretic fractionation factors as function of metamorphic temperature. The upper shaded envelope shows fractionation factors for siderite and hedenbergite (Polyakov and Mineev 2000) relative to magnetite, and lower envelope shows the fractionation factors for olivine relative to magnetite (Polyakov et al. 2005, Polyakov, personal communication) . In each envelope the upper bound makes use of new reduced partition functions for magnetite as calculated from inelastic Xray scattering and the lower bound as determined by new Mö ssbauer spectroscopic data (Polyakov, personal communication) . It is important to note that for those mineral pairs that apparently conform to theoretical predictions, the agreement is purely fortuitous because, as discussed in the text, magnetite did not participate in the silicate-forming reactions and temperatures <650°C were insufficient to attain isotopic equilibrium by diffusion. The magnetite-pyroxene pair from regionally metamorphosed BIF studied by Dauphas et al. (2004, closed circle) appears to have equilibrated due to its high temperature and long duration of heating.
only did magnetite not participate in the reactions that form the metamorphic silicates and therefore iron in magnetite did not equilibrate by isotopic exchange during growth of the metamorphic phases. Also at temperatures attained by samples A-D, diffusion of iron within these minerals was too slow to allow for significant iron isotopic equilibration between magnetite and silicate minerals over the short duration of this heating event. As discussed above, it is possible that Fe between silicates and magnetite did exchange by diffusion or reaction in sample E, which reached peak metamorphic temperatures of 725-740°C. Dauphas et al. (2004) measured D 56 Fe of 0.20& between magnetite and pyroxene in iron formation metamorphosed to even higher peak temperatures (>750°C) and therefore it is possible that their measured D 56 Fe could also represent isotopic equilibrium (solid circle in Fig. 10 ). Equilibrium in their samples would have been favoured by the longer heating interval of regional metamorphism.
For these reasons it is not unexpected that some apparent D 56 Fe between magnetite and metamorphic silicates do not conform to theoretical predictions, and we caution against interpreting any of these measured differences in d 56 Fe as reflecting isotopic equilibrium during metamorphisms and therefore providing meaningful fractionation factors (cf. Johnson et al. 2003 Johnson et al. , 2005a .
Applicability of results to regional metamorphism Two important differences between contact and regional metamorphism are that regional metamorphism involves (1) a thermal event of longer duration and (2) a larger scale of fluid flow than does contact metamorphism. The longer duration of regional metamorphism will allow iron isotopes to equilibrate down to lower temperatures. This difference in duration is reflected in the closure temperatures for Fe-Ti oxide thermometry. As noted above, Fe-Ti oxide inter-diffusion closes in contact metamorphism at ca. 650°C (Ferry et al. 1987) . In slowly cooled granulite terranes, this closure temperature is between 350 and 500°C (Frost and Chacko 1989) . Although the Fe-Ti oxide thermometer is highly uncertain at these low temperatures, these results indicate that whereas Fe-isotopes do not necessarily equilibrate during amphibolite-facies contact metamorphism, they may equilibrate during lower amphibolite or even upper greenschist facies regional metamorphism. In addition, it is possible that extensive fluid flow during regional metamorphism may cause Fe-isotopes to be more readily equilibrated in regionally metamorphosed iron formation than was documented in the contact-metamorphosed Biwabik Formation. The ability of fluid flow to homogenize a rock depends on the competing kinetics of mineral reaction and fluid flow. Frost and Bucher (1994) showed that at low T, mineral reactions will be the rate-limiting step and that the crust will consist of isolated pockets of fluid separated by unreacted rock. At temperatures above around 300°C, mineral reactions become faster than fluid flow and in this regime fluids will be consumed in reactions as soon as they encounter a mineral interface. This temperature corresponds to greenschist facies, and is consistent with observations that in prehnite-pumpelleyite facies metamorphic rocks are commonly inhomogeneous on a thin-section scale but that they are much more homogenous at greenschist facies. Thus, although large-scale fluid flow may allow equilibration of Fe isotopes in regionally metamorphosed rocks down to lower temperatures than those attained in the contactmetamorphosed Biwabik Iron Formation, weakly metamorphosed rocks should retain small-scale isotopic heterogeneities like those described here, even during regional metamorphism. Regardless of whether minerals have equilibrated during regional metamorphism, these predictions validate the hypotheses of Dauphas et al. (2004) . Fe isotope compositions that are characteristic of chemical sedimentation processes are preserved at low grade in the form of large inter-mineral variations, and at high grade in the form of unique bulk rock compositions that are often different than those presented by most igneous and clastic sedimentary rocks. Therefore, our results confirm the suggestion Dauphas et al. (2004; Markl et al. 2006 ) that Fe isotopes can be used to identify chemical sedimentary or hydrothermal processes in the rock record.
Conclusions
The present study of Fe isotopic compositions of minerals in Biwabik Iron Formation has revealed layer-to-layer variations in the d 56 Fe of magnetite that are nearly half the total variation observed in magnetite from iron formations of all ages worldwide. These inter-layer variations could be caused by seawater having variable compositions during Fe precipitation into the layers, but are more likely caused by the layers being dominated by certain minerals that incorporate iron according to their specific isotope fractionation factor. Textural evidence from the lowest-grade Biwabik samples reveals that most, if not all, magnetite in the Biwabik Formation is diagenetic, not primary, and that there was tremendous element mobility during diagenesis. Fluid flow was dominantly layer-parallel, which produced the dramatic layer-to-layer heterogeneities in iron isotopic composition.
The simple chemical composition of iron formation and the large range in d 56 Fe of primary and diagenetic silicate, carbonate and oxide minerals might suggest it should be an ideal natural system for verifying theoretical inter-mineral Fe isotope fractionations. However, we have shown that equilibrium Fe isotope fractionation factors cannot be determined from the Biwabik Iron Formation because diagenetic magnetite remained unreactive during metamorphism, and hence did not attain Fe isotopic equilibrium with the metamorphic silicates. Only at the very highest grades, where temperatures were in excess of 700°C may diffusion and mineral reaction have operated to enhance possible Fe isotopic equilibration. For this reason the differences between d 56 Fe of magnetite and coexisting metamorphic silicates in rocks metamorphosed to lower peak temperatures do not represent equilibrium fractionation factors, and no temperature information is preserved.
Although iron formation does not record equilibrium inter-mineral Fe isotope fractionations during contact metamorphism or low-grade regional metamorphism, other metasedimentary rock suites may. We suggest, for example, that iron isotopes may be useful in studying metamorphism of graphitic pelitic schists in which magnetite is generally absent. In these rocks, the iron is distributed among pyrite, pyrrhotite and ilmenite and Fe-silicates, and all of these phases may participate in metamorphic reactions (Frost 1992b) .
Ultimately it would be desirable to trace the Fe chemistry of the Precambrian oceans using Fe isotopes. Because magnetite is inert during prograde metamorphism. It is potentially a faithful recorder of the earlier environmental conditions in which a sediment formed and was lithified. Therefore Fe isotopes in magnetite-quartz assemblages may preserve information about the Fe chemistry of ancient oceans. However, because most BIF have undergone extensive diagenesis, we suggest that Fe isotopes also can be powerfully employed for tracing movement of Fe during diagenesis. In many clastic sedimentary rocks, iron is precipitated as siderite during methanogenesis (Gautier and Claypool 1984; Raiswell and Fisher 2000) . Iron isotopes may reveal whether this iron is locally derived or far-traveled. Together with C isotopic data, they may be useful in determining the role of methanogenesis during the fractionation of iron isotopes.
